Recap from Lecture 2:

Atmospheric Composition

· Permanent Gases (e.g. N2, O2, Ar…) vs. Variable Gases (H2O, CO2, O3, …)

· Permanent Gases contain most of the mass, heat capacity, momentum

· Variable Gases comprise H2O + Trace Gases.  Variable Gases are critical for radiation and atmospheric chemistry.  H2O has many additional roles…

· The density of a molecular species is related to number concentration by the molecular weight via i. = Mi ni = mi ci.

· A mean molecular weight of air can be obtained through 
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Hydrostatic Pressure

· For a parcel of fluid to be at rest in a gravitational field, the pressure from below the parcel must exceed the pressure from above the parcel to balance the weight of the parcel.

· You end up with the following hydrostatic gradient in pressure 
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· Integrating means the pressure at a given altitude equals the weight per unit area of the air above that altitude:
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· Add the ideal gas law for air, and you get 
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· H, the “pressure scale height” ranges from 6 km (at 200 K) to 9 km (at 300 K).

Comments on the Ideal Gas Law:

It is very important to understand the gas law.  So far, we have used
p = RT

where R is equal to 287 J/kg/K.  I really don’t like this version of the gas law, because R depends on the type of molecules you have in the air.  In fact

R = R*/Ma
Where R* = 8.314 J mol-1 K-1.  The “real” ideal gas law is 

p = R*/Ma)T

= nR*T     .
where n is the molar concentration of air, as defined last lecture.  When using the ideal gas law for atmospheres of varying humidity, it is important to know what the number concentration is (or at least recalculate R taking into account humidity)

Vertical Structure of the Atmosphere
Now let’s consider how these atmospheric properties vary with height.  The first thing to note is that the atmosphere is just a thin and tenuous shell around the earth -- 
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We didn’t highlight the following points in the last lecture:  Assuming g is constant and dividing both sides of the hydrostatic equation integral, you end up with the mass of the column above you (per unit area) being equal to p/g.  Taking a mean surface pressure of 985 mb and integrating over all columns above the Earth’s surface (R = 6371 km), you end up with a total mass of the atmosphere of 5.1x1018 kg.  Compare this number to the total mass of the Earth: 6x1024 kg and that of the oceans: 1.4x1021 kg.

Furthermore, we can use our knowledge of the hydrostatic equation in air to estimate temperature of an atmospheric layer.  Consider a column of atmosphere between two altitude levels, z1 and z2.  You measure the pressures at each altitude, and get p1 and p2.  The hydrostatic relation yields:
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This turns out to be one of the ways in which people are trying to measure atmospheric temperature change over climate timescales – through the change in altitude of the 500 mb pressure level.  This relationship is also critically important for understanding atmospheric dynamics, because horizontal temperature gradients will cause pressure gradients which, in turn, cause the winds to blow.
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The above plots give you a good feel for the vertical structure of the atmosphere for both temperature and pressure.   dlnp/dz being near constant means the log of pressure varies almost constantly with height.   When the log of a variable changes nearly constantly with height, then a given height change is associated with a given multiplier on the variable.  For example, from 0 to ~16 km, atmospheric pressure drops by a factor of 10 from 1000 mb to 100 mb (multiplier of 0.1).  Another ~16 km higher, the pressure drops to 10 mb – another factor of 10.  Another 16 km higher, the pressure drops to ~1 mb, and so on.  The hydrostatic relation imposes no upper boundary on the atmosphere as long as T(z) > 0.  It just gets increasingly thin until it becomes difficult to distinguish the upper reaches of the atmosphere from the solar wind.
Note that since pressure decreases monotonically with height, it can be used as a vertical coordinate system.  Sometimes it is more useful to think about height, and sometimes it’s more useful to think about pressure.  A third vertical coordinate system – geopotential height – will be introduced later.
The layers of the atmosphere are governed by reversals in the temperature gradient at key levels.  These layers are controlled by how the atmosphere and surface absorb solar radiation.  The lapse rate,  is a quantity used to measure the rate of decrease in temperature with height.   varies considerably from place to place and layer by layer.  In the troposphere, the global average lapse rate is 6.5 K/km.  The fundamental reason for the gradient being negative is due to the “greenhouse effect”.  Sunlight penetrates through the atmosphere and heats the Earth’s surface.  The Earth would just keep heating up if it were to continue absorbing this sunlight without releasing it.  The Earth releases this heat to the atmosphere through three heat transfer mechanisms: thermal radiation, evaporation of water (i.e. latent heat), and conduction to the atmosphere (i.e. sensible heat).  Heat always flows from hot to cold.  Space is very cold (4 K).  If the Earth’s atmosphere were transparent to infrared radiation, the energy from the absorbed sunlight would just be re-radiated out to cold-cold space, and the atmosphere would acquire the same temperature as the surface (about 255 K or -18°C, for reasons we will discuss later).  The atmosphere is not transparent to the Earth’s infrared radiation, however, – it absorbs it.  This change in optical properties from the solar spectrum to the infrared spectrum is called “selective absorption” and is essential for the Earth’s greenhouse effect.  So heat must flow through the atmosphere, rather than bypassing the atmosphere, as most solar radiation does.  Since heat only flows from hot to cold, Earth’s surface must be warmer than the atmosphere, and the atmosphere must be warmer than space.  The atmosphere will need to be 255 K to radiate the energy out to space, but the surface warms up to 288 K (much more comfortable by our standards) so heat will flow from it to the atmosphere.   This temperature gradient keeps the heat absorbed from the Sun flowing back to space.  

Now the greenhouse effect, as mentioned above, only applies when sunlight is bypassing the atmosphere.  This isn’t true in the stratosphere, however, where absorption of UV light by ozone heats it up considerably.  In the stratosphere, the temperature gradient reverses due to increased heating by O3.  In the mesosphere, the concentration of O3 decreases, and so does the heating rate.  In the thermosphere and above, very short photons are absorbed by O2 and N2, heating this very high, very thin layer of the atmosphere considerably.

The following table considers how you would estimate your altitude from a pressure measurement, depending on whether you used a mean scale height (assuming T = 255 K) with the hypsometric equation, or assumed a linear decrease in temperature from the surface of 6.5 K/km, where Ts = 288 K (the global average).
Pressure
Hypsometric Altitude
Lapse Rate Altitude
200 mb
12.1 km

11.0 km
300 mb
9.1 km


8.7 km
500 mb
5.3 km


5.4 km
700 mb
2.8 km


3.0 km
800 mb
1.8 km


2.0 km
900 mb
0.9 km


1.0 km
1000 mb
100 m


116 m
You can see that the hypsometric equation does a fair job, to the 20% level, but the vertical structure of temperature and scale height do have an important influence.

Atmospheric composition also changes with height.  In the “homosphere” the permanent gases have fixed proportions.  Above this, when molecular trajectories become ballistic, the varying weights of the molecules affect their vertical distribution for reasons discussed later.  Various chemical and thermodynamic processes affect the vertical distribution of the variable species.  These are well summarized by the following two figures.
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Table 1.2. Isotopic abundances in

nature
Percentage
Isotope relative abundance
'H 99.9851
’D 0.0149
2@ 98.892
e 1.108
l°0 99.758
70 0.0373
80 0.2039
14N 99.631
5N (.369

Note: Almost all terrestrial hydrogen is combined
in the form of water. Since HHO and HDO have
different vapor pressures, the relative concentra-
tions of “D to H can vary from phase to phase
by as much as 10%. Small differences in the con-
centrations of oxygen isotopes also occur.

The vertical distribution of ozone differs from that of other atmos-
pheric gases, having a maximum number density near to 25 km (Fig. 1.7).
Ozone is formed photochemically from oxygen: rapidly above 30 km so
that equilibrium is obtained during daylight hours and slowly below this
level so that ozone concentration depends on mixing and transport
processes, and is highly variable. This variability is reflected in the
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FiG. 1.5. Vertical profiles of mixing ratio of selected species at equinox. After Allen et al.
(1981, 1984).
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The well-mixed region below 100 km is known as the homosphere and processes
within it form the primary focus of this book.

Above 100 km, the mean free path quickly becomes larger than turbulent
displacements of wir. As a result, turbulent air motions are strongly dumped
by diffusion of momentum and heat, and diffusive tansport becomes the
dominant mechanism for transferring properties vertically. The transition from
turbulent transport o diffusive transport oceurs at the homopause (also known
s the turbopanse), which has an average altitude of abaut 100 ki, Figure 14
showis  rocket vapor trail traversing this region. Below 100 km, the trail is
marked by turbulent eddies which ate produced in the wake of the rocket and
which homogenize different constituents with cqual efficiency. These cddies





One of the questions you may ask is:  Why does the atmospheric temperature decrease linearly with temperature in the troposphere?  Why not exponentially, like pressure does?  Or some other dependence?
We already discussed why the temperature has to be lower than the surface – otherwise heat couldn’t transfer from the surface to the atmosphere and balance the energy from solar heating.  But then how does this play out in the atmosphere?  

The troposphere is a system that is heated from below and cooled from within.  This is the classical mechanism for generating convective turbulence.  Think about a pot of water that’s near boiling because it’s heated from below, and cooled by evaporation from its upper surface.  Consider a single parcel of air that’s rising up through the atmosphere, and let’s consider it’s temperature as it rises.  For now, let’s consider the parcel to be adiabatic, meaning it is not exchanging heat with its cooler surroundings.  This is a good 0th order assumption – we can relax it later.  Now let’s consider the energy contained by the parcel.
E = cVmT

The internal energy is equal to the heat capacity at constant volume, times the mass, times the temperature.  The change in internal energy as the parcel convectively rises some distance dz (or dp if we’re using a pressure coordinate system) is given by
dE = -dW + dQ

Where dQ is the heat crossing into the parcel from outside, and dW is work done by the parcel on the environment.  We will review thermodynamics later, but for now just remember that work W = force * distance.  The force is proportional to the pressure field times the surface area of the parcel, and the distance each wall is compressed times the surface area of the parcel is equal to the change in the volume.  So we can simply state dW = pdV, which shows that work is done by the parcel on the environment if the volume expands.  So now we can relate the change in the internal energy to the change in the volume of the parcel as it rises.
cVmdT = -pdV

where we’ve set dQ = 0 because of our adiabatic assumption

Here, we can invoke the ideal gas law again (in the form pV = mRT), and say that

d(pV) = d(mRT)

 pdV + Vdp = mRdT
This simply states that, for consistency with the ideal gas law, that if temperature changes, there must be some change in either the volume or the pressure (or some combination of the two).  Now we sub in the energy conservation equation from above, and end up with
mRdT + mcVdT = Vdp

dT = dp/cp
So if a parcel is adiabatic and experiences a change in pressure, the change in temperature will be proportionate to the change in pressure divided by the density.  Here, we can go in one of two directions.  To explain the linearity of temperature change with height, we’ll invoke the hydrostatic relation from above dp = -gdz to yield
dT = - g/cp dz 

= -D dz
Where D is called the dry adiabatic lapse rate, and is just about 9.8 K/km.  The fact that the troposphere shows a lapse rate less than this just highlights the importance of the addition of heat to the atmosphere by cloud condensation, which we’ll get into much later.  This was just to illustrate why we expect temperature to change linearly with height, to first order.  Convince yourself that this equation also means that the change in energy of the parcel (using heat capacity at constant pressure) is equivalent to the change in gravitational potential energy of the parcel, assuming adiabaticity and hydrostatic conditions. 

If we use pressure as our vertical coordinate system instead of temperature, we analyze the previous line of thinking using the ideal gas law instead of the hydrostatic equation 
dT =RT dp/pcp
which yields

dT/T =R/cp  dp/p
aka

dlnT =R/cp  dlnp
Integrating between two pressure levels yields
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for adiabatic parcels.
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